Based on the updated results of experimental petrology and phase equilibria modelling and combined with the available thermal structure models of subduction zones, this paper presents an overview on the dehydration and melting of basic, sedimentary and ultrabasic rocks that occur in the different stages during oceanic subduction processes and their influences on magmatism above subduction zones. During the subduction at the forearc depth of <90-100 km, the basic and ultrabasic rocks from most oceanic slabs can release very small amounts of water, and significant dehydration may occur in the slab superficial sediments. Strong dehydration occurs in both basic and ultrabasic rocks during subduction at the subarc depth of 90-200 km. For example, more than 90% water in basic rocks is released by the successive dehydration of chlorite, glaucophane, talc and lawsonite in the subarc depths. This is diversely in contrast to the previous results from synthetic experiments. Ultrabasic rocks may undergo strong dehydration through antigorite, chlorite and phase 10 Å at the subarc depth of 120-220 km. However, sediments can contribute minor fluids at the subarc depth, one main hydrous mineral in which is phengite (muscovite). It can stabilize to ∼300 km depth and transform into K-hollandite. After phengite breaks down, there will be no significant fluid release from oceanic slab until it is subducted to the mantle transition zone. In a few hot subduction zones, partial melting (especially flux melting) can occur in both sediments and basic rocks, generating hydrous granitic melts or supercritical fluids, and in carbonates-bearing sediments potassic carbonatite melts can be generated. In a few cold subduction zones, phase A occurs in ultrabasic rocks, which can bring water deep into the transition zone. The subducted rocks, especially the sediments, contain large quantities of incompatible minor and trace elements carried through fluids to greatly influence the geochemical compositions of the magma in subduction zones. As the geothermal gradients of subduction zones cannot cross the solidi of carbonated eclogite and peridotite during the subarc subduction stage, the carbonate minerals in them can be carried into the deep mantle. Carbonated eclogite can melt to generate alkali-rich carbonatite melts at >400 km depth, while carbonated peridotite will not melt in the mantle transition zone below a subduction zone.
Introduction
The subduction zone is the most complex tectonic setting on Earth, where the most sudden geological activities occur on the surface, including volcanic explosion, strong earthquake and rapid geomorphological evolution, and moreover, the deep contrasting geothermal systems and complicated orogeny. Poli and Schmidt (2002) pointed out that the evolution of a subduction system is closely related to the phase transitions or metamorphic reactions occurred in a slab. These reactions may control the buoyancy and downward dragging mechanism of the subducted slab and can explain the formation, release and migration processes of fluids. The fluids from a slab can cause the metasomatism or modification of the mantle wedged peridotite, which ultimately results in the complex magmatism in plate margins and intraplates. In the past half century, the study of oceanic subduction zones has been a frontier and hotspot in Earth sciences (e.g. Stern, 2002; . Poli (2003, 2014) systematically summarized the fluid behavior occurred in oceanic subduction processes; Wei and Zhang (2008) also introduced the research progress of phase transition and subduction zone magmatism during oceanic subduction; and Zheng and Hermann (2014) reviewed the fluid geochemistry of continental subduction zones. Moreover, presented an overview on the mechanisms of water transport from the subducted slab to the mantle, especially the dehydration and partial melting occurred at different depths in a subducted slab. However, the previous studies and reviews are mainly based on synthetic experimental results where the P-T conditions of interest may differ greatly from the low-T and high-P conditions in most subduction zones. As a result, synthetic experiments have some limitations on understanding the evolution processes of subduction zones, which, however, can be well remedied by phase equilibria modelling. In addition, recent advances in the experimental study of subduction rocks, especially for carbonated eclogite (e.g. Thomson et al., 2016) , have provided better restrictions for understanding the metamorphic evolution and fluid behavior of subduction zones.
In this paper, we first present an overview of the phase relations for the H 2 O-and CO 2 -bearing basic and ultrabasic rocks as well as related sediments based on the effective experimental data and phase equilibria modelling results. Next, we discuss the dehydration and melting reactions and their P-T conditions occurred in different rock systems during subduction on the basis of the thermal structure models of subduction zones proposed by Syracuse et al. (2010) . Moreover, we also document the metasomatism of mantle wedge peridotite by slab fluids and its relationship with the arc magmatism, as well as the deep carbon cycle process with the origin of carbonatite magma. The term fluid used herein includes common aqueous solutions, hydrous melts, and supercritical fluids following Zheng and Hermann (2014) .
Thermal structure of oceanic subduction zones
The evolution of the thermal structure of subduction zones decisively controls the transformation of the physical and chemical properties of rocks during a subduction process, which directly affects the slab fluid behavior and the partial melting in the mantle wedge as well as other key geological processes such as the arc volcanic eruption, earthquake and mineralization in subduction zones (e.g. Stern, 2002; . The thermal structure of a subduction zone is controlled by many factors, including not only the geometry, velocity and age of the subducting slab, but also the thickness and age of the overriding plate, as well as the boundary factors such as the shear heating and coupling degrees between the two plates (Peacock, 1991; Peacock and Wang, 1999; van Keken et al., 2002 van Keken et al., , 2011 Kelemen et al., 2003; Syracuse et al., 2010) . In general, the slower the subduction rate and the younger the slab, the higher the slab surface temperature is; conversely, the faster the subduction rate and the older the slab, the lower the slab surface temperature is. Although the shear heating, phase transition, and the hydration and dehydration of rocks can also influence the thermal structure of a subduction zone, their significance is much less than the rate and age of the subducting slab (e.g. Peacock, 1991) . Syracuse et al. (2010) simulated the thermal structure in 56 segments of active subduction zones using kinematically defined slabs to obtain a comprehensive suite of thermal model suitable for the current global subduction system. They hypothesized that the interface between the subducting and the overriding plates can be separated into three regions from shallow to deep ( Figure 1a ): (1) the shallow thrust zone extending to 40-50 km depth, where the overriding plate is fully decoupled from the subducting slab; (2) the intermediate region of partial coupling, in which the mantle wedge moves at 5% of the subducting slab velocity; and (3) the deep region of fully coupling where the subducting slab and mantle wedge move together. As a result of the complexity of the factors that affect the thermal structure of subductions, Syracuse et al. (2010) expressed their simulation results into four models: (1) D80 model in which the transition from partial coupling to full coupling occurs at a fixed depth of 80 km;
(2) X25 model where the boundary between the partial and full coupling occurs at 25 km trenchward from the arc; (3) W1300 model in which the boundary between the partial and full coupling is adjusted such that the maximum temperature in the subarc mantle wedge can reach 1300°C; and (4) T550 model where the transition from partial to full coupling occurs when the slab surface temperature reaches 550°C. According to the above four models, Syracuse et al. (2010) simulated the geothermal gradients at the slab surface and Moho for the current subduction zones. The results calculated according to the X25 model are shown in Figure 1b and 1c.
The simulation results in Syracuse et al. (2010) show that the geothermal gradients at slab surface in most oceanic subduction zones range from 3 to 10°C km −1 (Figure 1b ), corresponding to cold subduction Zheng, 2019) . In the shallow depth, the slab surface undergoes both heating and compression and the temperature is less than 400°C when it is subducted to~100 km depth (~3 GPa). Then in the intermediate depth, slab surface is subject to near-isobaric heating to about 700-900°C triggered by the convective mantle, leading to the elevation of geothermal gradient from~3 to~8°C km −1 . Finally in the deep depth, slab surface may experience nearly isothermal compression, resulting in the reduction of geothermal gradient. As a result, the P-T evolution at slab surface can be divided into three stages: the first stage is dominated by the synchronous increases in both temperature and pressure, the second stage is dominant of temperature rise, and the third stage is mainly of pressure rise. The temperatures at the slab Moho are much lower than at the slab surface with the geothermal gradients mainly between 2-5°C km −1 , which are characterized by heating and compression. So the temperature within a slab is decreased downward.
The thermal structure models of subduction zones by Syracuse et al. (2010) challenged the previous knowledge of the geothermal gradients for the subduction-related high-P metamorphism. For example, the P-T ranges of <5°C km −1 are generally considered as metamorphic "forbidden zones", which cannot occur in nature (e.g. Miyashiro, 1994) . However, the P-T conditions at the slab surface during the forearc and rear-arc subduction stages and the P-T conditions at the slab Moho during the entire subduction process, are mainly located in the so-called metamorphic "forbidden zones". Miyashiro (1961 Miyashiro ( , 1994 proposed three types of metamorphism, including the low-P (>30°C km −1 ), medium-P (15-30°C km −1 ) and high-P (<15°C km −1 ) facies series according to geothermal gradient, and considered that the oceanic subduction metamorphism belongs to the high-P type. Nevertheless, the geothermal gradients during a subduction process vary diversely, which, for instance, are relatively constant during the forearc subduction, keep increasing during the subarc subduction and will decrease Syracuse et al. (2010) and Penniston-Dorland et al. (2015) ) and the geothermal gradients respectively of the slab surface and Moho in oceanic subduction zones calculated according to X25 model ((b), (c), modified from Syracuse et al. (2010) ). The asterisks represent the transitions from the decoupling to partial coupling and from the partial to full decoupling between the slab and overriding plate. X25 refers to the model where the boundary between the partial and full coupling occurs at 25 km trenchward from the arc. The dotted curves indicate the approximate range of the geothermal gradient at slab surface and Moho. CSS and HSS represent the slab surface geothermal gradients in cold and hot subduction zones, respectively, and ASS represents an average of them. CSM and HSM represent the slab Moho geothermal gradients in cold and hot subduction zones, respectively, and ASM is an average of them. Note that a few older slabs show much lower geothermal gradients, and a few younger slabs have higher geothermal gradients at both the surface and Moho.
during the subsequent subduction.
The thermal structure models of subduction zones proposed by Syracuse et al. (2010) have attracted much attention and question from many scholars. For example, Penniston-Dorland et al. (2015) argued that metamorphic peak temperatures recorded in blueschists and eclogites from ancient subduction zones around the world are mostly higher (>200°C) than the predicted results by Syracuse et al. (2010) , and thus, considered that the models of Syracuse et al. (2010) may have underestimated the temperatures of slab surface especially at the forearc subduction stage. In order to reconcile this discrepancy, Kohn et al. (2018) proposed that the temperature of slab surface will be greatly improved to conform with the records in the high-P metamorphic rocks from ancient subduction zones if taking into account the shear heating between the moving plates. However, van Keken et al. (2018) contested that the addition of reasonable amounts of shear heating may lead to <50°C heating of slab compared to the models that exclude this heat source. Moreover, van Keken et al. (2019) made further calculations of the shear heating and found that the calculations of Kohn et al. (2018) fails to take into account the effect of brittleductile transition at the forearc depths when simulating the thermal structure of subduction zones. On the other hand, there are also many uncertainties in the P-T estimation of exhumed high-P metamorphic rocks. For example, the peak mineral assemblages of lawsonite-bearing blueschists and eclogites may be greatly modified during decompressional exhumation, which may result in the underestimation of the peak pressure, or the overestimation of temperature (Wei and Clarke, 2011) . Therefore, if using the records from exhumed high-P metamorphic rocks in ancient subduction zones to constrain the dynamic modelling of slab thermal structure, the effect of decompressional heat overprinting should be taken into account.
Although the dynamic modelling results in Syracuse et al. (2010) has been argued seriously, they can still serve as the basis for understanding the causal relationship between the thermal structure and slab dehydration in subduction zones. Following the classification of cold and hot subduction zones of Peacock and Wang (1999) , and also for a convenience of presentation, the present study has excluded the extreme geothermal gradients from several very cold and very hot subduction zones. As a consequence, the approximate range of geothermal gradients is only delineated for most subduction zones calculated according to the X25 model (Figure 1b, 1c) . In doing so, three types of subduction zone are divided: including cold subduction (CSS and CSM), average subduction (ASS and ASM) and hot subduction (HSS and HSM). The X25 model was chosen herein because the model results can well explain the peak conditions (>3.0 GPa/550°C) of the ultrahigh-P metamorphic rocks in the Southwest Tianshan belt (Wei et al., 2009; Tian and Wei, 2013) .
Phase equilibria and fluid behavior of basic rocks 3.1 Basic rock+H 2 O system

Phase equilibria of basic rocks
Basic rocks constitute the main body of an oceanic crust, and their phase equilibria and fluid behavior are critical for understanding the various geological processes in subduction zones. A series of experimental studies on the H 2 O-bearing mid-ocean ridge basalt (MORB) system were carried out (e. g. Schmidt and Poli, 1998) , and the phase relations ae presented in Figure 2a as summarized by Schmidt and Poli (2014) . The main hydrous minerals in basic rocks include chlorite, epidote, lawsonite, amphibole, chloritoid and muscovite etc. Chlorite stabilizes in the P-T range of <600°C and <2.4 GPa. The upper-P limit of amphibole is~2.4 GPa, which seems to be independent of temperature below 900°C, while above 900°C, the upper limit of amphibole is controlled by temperature (<950°C). In fact, the upper-T limit of amphibole in basic rocks varies greatly between 900 and 1100°C as a result of the different bulk-rock compositions employed in experiments (Wei et al., 2017) . Lawsonite is stable in the high-P and low-T conditions. It decomposes into epidote below 3 GPa; and in the coesite field between 3-8 GPa, it breaks down into garnet with upper temperatures ranging in 700-800°C; while in the stishovite field above 8 GPa, the upper limit of lawsonite shows a negative slope controlled mainly by pressure ( Figure 2b) (Schmidt, 1995; Okamoto and Maruyama, 1999) . Epidote is stable in the medium-T range of 400-750°C below 3 GPa. Chloritoid stabilizes at high-P and medium-to low-T conditions of <700°C and >2.4 GPa. Muscovite (phengite) has a large stability field. Its upper-P limit can reach the stishovite field above 9 GPa where it breaks down into K-hollandite (Domanik and Holloway, 1996; Ono, 1998) . While the upper-T limit of muscovite is argued. Schmidt et al. (2004) emphasized that muscovite can disappear during the melting at water-saturated solidus of basic rocks. However, the phase equilibria modelling suggests that muscovite could disappear on the water-saturated solidus melting only in the basic rocks with very low K 2 O, or there is enough water, otherwise muscovite can exist over a considerable range under suprasolidus conditions (Wei and Duan, 2019) . Figure 2a shows the experimentally determined water-saturated solidus for basic rocks (Kessel et al., 2005) . It terminates at the second critical endpoint at ∼5 GPa, indicating that above this pressure aqueous solutions and hydrous melts are completely dissolved into one supercritical fluid phase (Zheng et al., 2011; Ni et al., 2017) . As a result, the P-T range in Figure 2a can be divided into aqueous solution, hydrous melt and supercritical fluid domains.
Recently, significant progresses have been made in the study of phase equilibria modelling for basic rocks (e.g. Schmidt and Poli (2014) . The numbers (0.1-6.0) indicate the saturated water content (wt%) of the rock under the relevant P-T conditions. (b) Compiled according to the phase equilibria modelling results in Wei and Duan (2019) and some experimental data. The numbers H0.1-H5 represent the contours of the saturated water content (wt%) in the rock. The amphibole stability limits under the suprasolidus conditions in Figure 2b are cited from Wyllie and Wolf (1993) and Sen and Dunn (1994) . The slab surface geothermal gradients (CSS, ASS and HSS) calculated according to the X25 model in Syracuse et al. (2010) are the same as in Figure 1 . The reactions qz=coe, gph=dia, and coe=stv are calculated using the THERMOCALC. The reaction mu=K-holl is cited from Schmidt and Poli (1998) , and the wet solidus of MORB (WS) is from Kessel et al. (2005) . Mineral abbreviations: am, amphibole; chl, chlorite; coe, coesite; cpx, clinopyroxene; ctd, chloritoid; dia, diamond; ep, epidote; gt, garnet; gl, glaucophane; gph, graphite; K-holl, K-hollandite; law, lawsonite; mu, muscovite (phengite); om, omphacite; pa, paragonite; qz, quartz; stv, stishovite; ta, talc. Green et al., 2016) . Figure 2b shows the phase relations calculated using THERMOCALC for a MROB composition (Wei and Duan, 2019) . In general, the experimental and the phase modelling results are consistent within uncertainties except a few minerals whose stability fields differ greatly. Since the phase relations below 600°C in Figure 2a were mostly inferred based on petrological observations (Schmidt and Poli, 1998) , their reliability is much lower than the phase modelling results. The differences between the experimental and phase modelling results are as follows:
(1) The calculated upper-T limit of chlorite is 50-100°C lower than the experimental results in Schmidt and Poli (1998) . Phase modelling suggests that the upper-T limit of chlorite varies in 450-520°C within the low-P garnet-free assemblages, while in the high-P garnet-present assemblages, the chlorite-out curves share the similar shapes to the garnet-out curves in narrow temperature regions, indicating that garnet growth may mainly consume chlorite.
(2) The experimental results in Schmidt and Poli (1998) suggest that chloritoid may appear in the rocks of MORB composition in the low-T and high-P conditions of <700°C and >2.4 GPa, whereas under the similar conditions talc can appear according to the phase modelling results. In fact, talc is more common in the natural low-T and high-P blueschists and eclogites (Ghent et al., 2009; Wei et al., 2010, Wei and Clarke, 2011) .
(3) Phase modelling results suggest that amphibole (such as glaucophane) can stabilize to the coesite field of >2.8 GPa at low temperatures, which is significantly different from the results in Figure 2a . According to the observations from natural rocks, amphibole can be divided into three categories at low temperature: hornblende (sensu lato), actinolite and glaucophane (Diener et al., 2007) . Glaucophane is observed to present in the peak assemblages from the low-T UHP eclogites in the Hong'an and southwest Tianshan belts (Wei et al., 2010; Tian and Wei, 2013) , supporting the phase modelling results. In Figure 2b glaucophane is modelled to stabilize within a triangular region with pressure of 0.8-3.2 GPa and temperature of <650°C, and hornblende is predicted to be stable over a wide temperature range of 420-1100°C below 2.4 GPa.
(4) The calculated lawsonite stability field is slightly larger than the experimentally limited range. For example, the calculated low-P limit of lawsonite is 0.3-0.4 GPa lower than the experimental results at pressures <3.0 GPa, and the calculated high-T limit is 40-50°C higher than the experimental data at pressures >3.0 GPa. While in the stishovite field, the calculated lawsonite stability limit is similar to the experimental results.
Dehydration in basic rocks
Under subsolidus conditions, metamorphism is characterized by dehydration, i.e. hydrous minerals break down to form nominally anhydrous minerals or other hydrous minerals of lower water content. Generally, the water content of a metamorphic rock depends mainly on the type and modal proportion of hydrous minerals due to very small amounts of intergranular fluids that can be present (Guiraud et al., 2001; . Poli (2003, 2014) presented three regimes of dehydration for basic rocks in Figure 2a : strong dehydration, considerable dehydration and little dehydration according to the saturated water content in rocks. Among them, the strong dehydration zone is relative to the low-T (<600°C) and low-P (<2.4 GPa) conditions with the stability of chlorite, amphibole and lawsonite where the water content is greater than 2 wt% or above 4 wt% in the lawsonite field. The considerable dehydration zone is located in the fields of amphibole+epidote (<2.4 GPa/600-700°C) and chloritoid+lawsonite/epidote (>2.4 GPa, <700°C) where the water content is mainly between 0.5-1.5 wt%. The little dehydration zone is related to the lawsonite field at >3-4 GPa with the water content less than 0.5 wt%. After the disappearance of lawsonite, the only hydrous mineral in basic rocks is phengite (muscovite). Since most basic rocks are poor in potassium, their water content is very small (<0.1 wt%), and there will be no hydrous phases in the basic rocks without potassium. However, under UHP conditions, nominally anhydrous minerals may also contain a certain amount of water (Smyth, 2006; Zheng, 2009 ).
The calculated water content and distribution for basic rocks from phase modelling are quite different from the results predicted from experimental data in Schmidt and Poli (2014) . On the basis of the water content of 4, 2 and 0.5 wt%, four dehydration regimes including very strong, strong, considerable and little dehydration can be divided in Figure  2b . The very strong dehydration domain is located in the low-T (<500°C) and high-P (1-4 GPa) conditions where the main hydrous minerals include chlorite, lawsonite and glaucophane. Both lawsonite decomposing into epidote on decompression and chlorite breaking down into garnet on heating can lead to a significant decrease of water content. The strong dehydration zone is relevant to the high-P (>2 GPa) and medium-to low-T (400-600°C) conditions and the low-T (<500°C) and low-P (<1.5 GPa) conditions, with main hydrous minerals of lawsonite, talc and glaucophane in the former, and of glaucophane /actinolite, chlorite and epidote in the latter. The considerable dehydration domain is located in the high-P (>2.4 GPa) and medium-to high-T (600-750°C) area and the field of <2.4 GPa and 500-700°C, with the main hydrous minerals of lawsonite and talc in the former, and of hornblende and epidote etc. in the latter. The little dehydration domain relevant to the UHP and high-T condition of >2.8 GPa and >700°C with lawsonite as the dominant hydrous mineral.
Melting of basic rocks
Melting in basic rocks includes the melting at water-satu-rated solidus and the dehydration melting of hydrous epidote and amphibole (Vielzeuf and Schmidt, 2001) . If there is no external fluid infiltration, only minor melts (1-2%) can be generated through the melting at water-saturated solidus (White et al., 2001; Wei et al., 2017) . As a result, the watersaturated solidus melting is not very significant in most geological processes. However, for the specific thermal structure of subduction zones, melting may occur at the slab surface simultaneously as dehydration continues within the slab, such as in ultramafic rocks (see later discussion), resulting in flux melting at the slab surface (Ulmer and Trommsdorff, 1995) , and considerable amounts of hydrous melts. The dehydration melting of epidote may take place at 1-3 GPa and 700-750°C, but there have been few relevant experimental data. The phase equilibria calculation in Wei et al. (2017) suggests that melting in basic rocks is mainly governed by amphibole dehydration reactions, and epidote dehydration is not very significant. Many experimental studies indicate that amphibole dehydration melting may start from fluid-absent solidi with temperatures ranging in 800-900°C (Winther and Newton, 1991; Moyen and Stevens, 2006) , and continue until the disappearance of amphibole at 1000-1100°C (Sen and Dunn, 1994; Wyllie and Wolf, 1993) .
Combined with phase equilibria modelling and experimental data, Wei et al. (2017) proposed that amphibole dehydration melting may initially start from the fluid-saturated solidus and have different types of reaction in different assemblages. For example, in the garnet-free assemblages below 1 GPa, the amphibole dehydration melting is firstly dominated by amphibole+quartz=clinopyroxene+plagio-clase+melt with biotite involved at the initial stage, but this reaction can only contribute limited melts. And then, when temperatures exceed 800°C, the reaction becomes amphi-bole=clinopyroxene+orthopyroxene+plagioclase+melt, proceeding until amphibole disappears. The temperature range of amphibole melting is 300-400°C. While in the garnetbearing assemblages above 1 GPa, the amphibole dehydration melting also include two types: when plagioclase is present it is amphibole+plagioclase+quartz=garnet+clin-opyroxene+melt until amphibole disappears at~1000°C; and after the disappearance of plagioclase, the reaction becomes amphibole+quartz=garnet+clinopyroxene+melt. Both epidote and muscovite may be involved in the low-T stage of these two reactions. The residues of amphibole dehydration melting can form granulite and eclogite. The melt compositions from basic rocks depend on the bulk-rock composition, P-T condition and the degree of melting. Generally, the low degree of melting (e.g. <5%) can generate K-rich granitic melts. With increasing the melting degree, melt compositions will be changed into trondhjemitic (5-20% melting) and tonalitic (>20% melting). Moreover, melt compositions are greatly governed by bulk-rock compositions, and the granodioritic to quartz monzonitic melts can only be generated by the melting of K-rich basic rocks.
The experimental study in Schmidt et al. (2004) suggests that the melting of basic rocks under the high-P conditions after the disappearance of amphibole can produce K-rich granites. This is because clinopyroxene becomes more jadeite-rich with increasing pressure, resulting in the Na 2 O component less fusible. Thus, the slab-derived melts show increasing K/Na ratio as pressure rises. At >5 GPa, the wet solidus vanishes and the classical fluid and melt are fully dissolved into a supercritical fluid phase (Kessel et al., 2005) .
Fluid behavior in basic rocks during subduction
According to the geothermal gradients of subduction zones calculated by the X25 model in Syracuse et al. (2010) , the slab surface temperature is lower than 400°C when the slab is subducted to 90 km depth, and then temperature increases rapidly during the subarc subduction. On the basis of the phase relations in Figure 2a , basic rocks during the subarc subduction can undergo considerable and little dehydration through the decomposition of lawsonite and chloritoid, releasing less than 20% fluids in rocks. Poli (1998, 2014) emphasized that strong dehydration in basic rocks may occur during the forearc subduction. However, the phase relations in Figure 2b indicate that basic rocks may contain 4-5 wt% water when approaching the subarc depth, and during the subsequent nearly isobaric heating during the subarc subduction, strong dehydration may occur through the successive decomposition of chlorite, glaucophane, talc and lawsonite, releasing ∼20% fluids in rocks. The dehydration behaviors may vary in different subduction zones due to diverse geothermal gradients. For example, lawsonite can be carried to the stishovite field over 260 km depth in cold subduction zones, while it will decompose before the slab reaches the subarc depth in hot subduction zones. After lawsonite decomposition, muscovite (phengite) is the only hydrous phase in basic rocks, which can stabilize to~300 km depth and transform into K-hollandite. The geothermal gradients in a few hot subduction zones pass through the basic water-saturated solidus, and partial melting may occur to produce potassic granitic melts in K-bearing rocks and trondhjemitic melts in K-free rocks, or generate supercritical fluids at >150 km depth. It is worth noting that the geothermal gradients from hot subduction zones in Figure 2a and 2b did not cross the amphibole domain although amphibole dehydration melting is widely considered to be responsible for the generation of adakitic rocks (e.g. Martin, 1999) .
Basic rock+CO 2 system
Recently, a large number of experimental studies have been carried out on the basic rock+CO 2 system or carbonated eclogite system (e.g. Hammouda and Keshav, 2015) to determine the solidus and subsolidus phase relations. Common carbonate minerals of interest include calcite, aragonite, dolomite and magnesite, and their reaction relations are shown in Figure 3a . Different experiments show diverse results for the transition between dolomite and magnesite (Martinez et al., 1996; Luth, 2001; Dasgupta et al., 2004; Tao et al., 2014) . It should be pointed out that when dolomite Figure 3 Phase relations in the basic rock+CO 2 systems determined from experiments and their comparison with those in H 2 O-bearing basic rock systems (a), and the melting relations of carbonated eclogites ((b), revised according to Dasgupta et al. (2004) ; (c), modified after Thomson et al. (2016) ). CL, carbonatite melt; CSL, carbonate-silicate melt; SL, silicate melt; D04, Dasgupta et al. (2004) ; JP71, Johannes and Puhan (1971) ; K-13, Kiseeva et al. (2013) ; L01, Luth (2001) ; M96, Martinez et al. (1996) ; T14, Tao et al. (2014) ; T16, Thomson et al.( 2016) ; YG94, Yaxley and Green (1994) . The dry solidus of basaltic rock (DS) is cited from Yasuda et al. (1994) and Hirose and Fei (2002) , and the wet solidus of basaltic rock (WS) is the same as in contains FeO, its stable pressure will greatly decrease (Tao et al., 2014) . For example, at 500°C, the upper-P limit of ankerite (ferrodolomite) is~2 GPa, while that of dolomite is 4-5 GPa. If there are aqueous minerals, the fluid phase in the CO 2 -bearing basic rocks becomes a C-O-H fluid, where the phase relations are greatly influenced by fluid composition. For example, a carbonate mineral can be stabilized only when the concentration of CO 2 in fluid reaches a certain value. Moreover, increasing pressure is favorable for carbon to incorporate into carbonates. For instance, the fluid coexisting with calcite has higher CO 2 contents [X(CO 2 )=CO 2 / (CO 2 +H 2 O)=0.4-0.7], but at higher pressures the fluid coexisting with dolomite may have much lower X(CO 2 ) of 0.02-0.2 (Kerrick and Connolly, 1998; Molina and Poli, 2000) . When P-T conditions exceed the stability limits of hydrous minerals, the fluid phase is dominated by CO 2 , where the stability of carbonate minerals is greatly affected by the volatile content and the Ca/(Mg+Fe) value of the whole rock (Hammouda and Keshav, 2015) .
The solidus of a basic rock+ CO 2 system is much higher than the water-saturated solidus, but lower than the dry solidus of a basic rock in temperature, which varies diversely from different experiments. For example, at 5 GPa, the solidus experimentally defined by Dasgupta et al. (2004) is ∼200°C lower than that by Thomson et al. (2016) . Moreover, the subsolidus transitions between carbonate minerals also vary greatly. As shown in Figure 3b , the subsolidus phases include garnet, clinopyroxene, rutile/ilmenite together with a carbonate with changing P-T condition (Dasgupta et al., 2004) . The carbonate phase changes from Mg-calcite to dolomite and magnesite with increasing pressure. Correspondingly, the solidus slopes change from negative to positive, with the minimum temperature of~1020°C. Below 3 GPa, Mg-calcite decomposes to release CO 2 . Theoretically, the solidi of CO 2 vapor-containing basic rocks are similar to or slightly lower than their dry solidi. Many studies suggest that the solidus may show a nearly isobaric "ledge" when the subsolidus assemblages changing from the CO 2 vapor-containing to carbonate-bearing ones, where CO 2 vapor, carbonate and liquid coexist (Hammouda, 2003) . The ledge can be considered as the pressure limit below which carbonatite melts are not stable. In Figure 3a , 3b, we inferred a ledge or a sudden slope change in the solidus from the lower-P CO 2bearing to the higher-P carbonate-bearing assemblages.
The experimental results of Thomson et al. (2016) on a MORB+CO 2 system differ greatly from those of Dasgupta et al. (2004) . As shown in Figure 3c , the subsolidus silicate phases in 3-20 GPa include garnet, clinopyroxene, SiO 2 varieties (coesite or stishovite) and titanium oxides, and carbon exists as CO 2 , dolomite, magnesite and magnesite+sodic carbonate with pressure increase. The solidus shows a positive slope in the assemblages containing CO 2 vapor and dolomite, and the ledge does not appear as in Figure 3b . Below 7 GPa, the solidus temperature is similar to that in Kiseeva et al. (2013) . Above 13 GPa, the solidus temperature suddenly drops by over 200°C with pressure increase. Thomson et al. (2016) considered that the decrease of the solidus temperature is because garnet becomes more majoritic above 13 GPa, which can dissolve more Na-poor pyroxene components, resulting in clinopyroxene rich-in Na. The Na-rich clinopyroxene together with sodium carbonate can cause a marked decrease in solidus temperature. In Figure 3c , the near solidus melt has a carbonate-bearing silicate composition (CSL) below 7 GPa, while above 7 GPa the near-solidus melt becomes silicate-depleted carbonatitic (CL), the alkalinity of which increases with increasing pressure. Thomson et al. (2016) pointed out that the large difference in experimental results may attributed to the different bulkrock composition and CO 2 content employed as starting materials. For example, the MORB used in Thomson et al. (2016) contain 10.8 wt% CaO in and 2.52 wt% CO 2 , comparable to those in normally altered oceanic crusts (Shilobreeva et al., 2011) , while the MORB used in Dasgupta et al. (2004) contain 13.09 wt% CaO and 5 wt% CO 2 . The higher CO 2 and CaO contents may lead to the complexity in the subsolidus phase relations. In Figure 3c , the transition pressure between dolomite and magnesite is higher than that in Figure 3b , but the former is more consistent with the experimental results of Luth (2001) (Figure 3a )
The stability of carbonate minerals depends on temperature, pressure and fluid behavior. According to Figure 3 , carbonate minerals may transform between each other under subsolidus conditions with pressure change, which did not break down to liberate CO 2 . The decomposition of carbonates occurs on the solidus with the generation of carbonatite melts. All the solidi of carbonated basic rocks in Figure 3 are outside the stability domains of hydrous minerals, indicating that the melting is minimally affected by aqueous fluids.
According to the geothermal gradients of subduction zones from Syracuse et al. (2010) , the P-T conditions at a slab is initially located in the stability fields of aragonite and dolomite during the subarc subduction, and dolomite is converted to magnesite at >150 km depth. The P-T paths at slab surface will not pass through the solidi of carbonated basic rocks until the slab reaches the mantle transition zone at >400 km depth where partial melting may occur to generate alkaline carbonate melts.
Phase relations and fluid behavior in sediments 4.1 Phase relations
Typical sediments in an oceanic crust are only several hundred meters thick, including silicalite, argillite and greywacke. The main hydrous minerals in argillite and greywacke are pyrophyllite, chlorite, chloritoid, carpholite, staurolite, muscovite and biotite. There have been few experimental data on the subsolidus phase relations for sediments. Figure 4 shows the phase relations that were recalculated using THERMOCALC3.25 on the basis of the KFMASH petrogenetic grid (Wei and Powell, 2003) , where the contours of water content are calculated using THER-MOCALC 3.45 based on the average pelite composition . Among them, pyrophyllite only appears in extremely Al-rich pelites (Theye et al., 1992) , and its upper-T limit is less than 450°C. The upper limit of chloritoid is also mainly controlled by temperature with the maximum less than 600°C. Carpholite is an important hydrous mineral in Mg-rich sediments (Theye et al., 1992; Song et al., 2007) and is stable at low-T (<650°C) and high-P (>1 GPa) conditions. The stability of chlorite mainly depends on temperature below 1.5 GPa, but it is obviously controlled by pressure above 1.5 GPa, with the maximum pressure up to 3 GPa. Staurolite is stable in medium-T and medium-P conditions of 0.5-1.5 GPa and 500-670°C. Muscovite is stable in a wide P-T range. Its upper-T or lower-P limit is bounded by the reaction muscovite+quartz=K-feldspar+sillimanite/kyanite+melt/H 2 O, and its upper-P limit can reach 9-10 GPa where it is dehydrated into K-hollandite. Experimental studies suggest that K-hollandite in metasediments can stabilize to pressures over 25 GPa (Grassi and Schmidt, 2011a) . Compared with muscovite, biotite stabilizes in lower pressures, which may transform into muscovite with pressure increase. The transition pressure between them varies from 2 to 3 GPa according to the bulk-rock compositions (Vielzeuf and Schmidt, 2001) . Biotite can stabilize to 4 GPa in very Mg-rich sediments (Hermann, 2002a) . In Figure 4 , the upper-P limit of biotite (bi-P) that was calculated on the basis of Wei and Powell (2003) . The water content (e.g. H3.0) and the upper-P limit of biotite (bi-P) are calculated using THERMOCALC 3.45 for the average pelite composition . The upper-P limit of biotite for greywacke (bi-G) is cited from Auzanneau et al. (2006) . The wet solidus (WS) of pelite is cited from Nichols et al. (1994) and Hermann and Spandler (2008) . The reaction from muscovite to K-hollandite is from Ono (1998) and Schmidt (1996) . The stability of muscovite+quartz was calculated in the KMASH system using THERMOCALC3.25. The stability of muscovite+albite+quartz is cited from Petö (1976) ; and the stability of muscovite+clinopyr-oxene+coesite is from Ono (1998) and Irifune et al. (1994) . The melting reactions of carbonated pelites: TS08, Schmidt (2008a, 2008b) ; GS11, Schmidt (2011a, 2011b) . mu-M/1 and mu-M/2 represent the P-T ranges of muscovite dehydration melting under fluid-absent conditions in the low-P plagioclase stability and high-P eclogite domains respectively; mu-M/SP14 and mu-S/SP14 are the P-T ranges of muscovite melting and dissolving determined by Schmidt and Poli (2014) . The P-T range of biotite dehydration melting was defined on the basis of the experimental data in Stevens et al. (1997) , Poli and Schmidt (2002) , and Schmidt and Poli (2014) . Mineral and melt abbreviations: ab, albite; bi, biotite; cr, carpholite; jd, jadeite; K-CL, potassic carbonatite melt; K-PHON, potassic phonolitic melt; ky, kyanite; prl, pyrophyllite; sill, sillimanite; st, staurolite. Others see Figure 2 . the average pelite composition is governed by mineral assemblages. In the low-T chlorite stability fields, the bi-P has a moderate positive slope between 1-2 GPa, while it becomes very flat at pressures of 2.0-2.2 GPa after chlorite disappears. The bi-P is similar to the upper limit of biotite in a greywacke (bi-G) experimentally determined by Auzanneau et al. (2006) . Under subsolidus conditions the transition from biotite to muscovite (phengite) may conserve the fluid, K and other large ion lithophile elements (LILE) in the rock. The upper-T limit of biotite is controlled by biotite dehydration melting reactions ranging in 900-950°C (Stevens et al., 1997) . Figure 4 shows the water distribution calculated for the average pelite where the maximum value is up to 3.5 wt%. The water in pelites is mainly stored in chlorite, chloritoid and muscovite. After the disappearance of chlorite and chloritoid, muscovite becomes the only hydrous phase in pelites, which can contribute almost constant a water content up to 1.85 wt% for the average pelite.
The wet solidus of pelites is 20-50°C lower than that of basic rocks (Nichols et al., 1994; Hermann and Spandler, 2008) , which terminates at the second critical endpoint at~5 GPa (Schmidt et al., 2004) . Above that pressure, aqueous solutions are completely miscible with hydrous melts to form supercritical fluids. Generally, the melting at the water-saturated solidus can produce very limited melts, and the melting in pelites and greywackes are controlled by the dehydration melting of muscovite and biotite. Figure 4 shows the P-T conditions for the melting of these two minerals. In the low-P plagioclase stability fields, muscovite dehydration melting reaction is muscovite+albite+quartz=K-feldspar +sillimanite/kyanite+melt (Petö, 1976) , while in the eclogite field after the disappearance of plagioclase, the muscovite dehydration melting reaction is muscovite+clinopyroxene +quartz/coesite=K-feldspar+kyanite+garnet+melt (Irifune et al., 1994; Ono, 1998) . Combining these two reactions with the decomposition reaction of muscovite+quartz, the P-T conditions for the dehydration melting of muscovite under fluid-absent conditions can be defined as mu-M/1 and mu-M/2 in Figure 4 . Comparatively, the muscovite melting (mu-M/SP14) determined by Schmidt and Poli (2014) shows lower temperatures probably because excess water was employed in experiments, which should represent the condition of muscovite disappearance caused by flux melting. At >5 GPa, muscovite can be dissolved in supercritical fluids. Schmidt and Poli (2014) proposed that even if a rock contains less than 1 wt% excess water, muscovite will disappear through a continuous dissolution process (mu-S/SP14 in Figure 4 ). When carbonates are present, the following melting reactions can occur: phengitic muscovite+clinopyr-oxene+coesite+calcite→K-rich phonolitic melt (K-PHON) Schmidt, 2008a, 2008b) , and phengitic mus-covite+clinopyroxene+aragonite+magnesite→K-rich carbo-natite melt (K-CL) Schmidt, 2011a, 2011b) . These two reactions show opposite slopes. Below 2 GPa, biotite dehydration melting occurs after muscovite disappearance. In pelites and greywackes, the biotite melting temperature varies between 800-950°C (Stevens et al., 1997; Poli and Schmidt, 2002; Schmidt and Poli, 2014) .
Experimental studies (Okamoto and Maruyama, 1999; Domanik and Holloway, 1996; Ono, 1998; Schmidt, 1996; Schmidt et al., 2004) show that basic rocks, pelites and greywackes during the subarc subduction at 100-200 km depth and >700°C share the similar UHP eclogite assemblages of garnet+clinopyroxene+phengitic muscovite+coesite (±kyanite±fluid), but with varying modal proportion and chemical composition for minerals. For instance, in sediments muscovite and coesite show higher modal proportions and clinopyroxene has higher jadeite content than in basic rocks. These UHP eclogite assemblages may undergo partial melting upon decompression, resulting in the disappearance of phengitic muscovite. The experimental study in Auzanneau et al. (2006) suggests that the melting reaction in greywackes is phengitic muscovite+clinopyroxene+quartzi-te=biotite+plagioclase+garnet+melt which occurs at 700-900°C and~2.0 GPa (bi-G in Figure 4 ).
Fluid behavior in sediments during subduction
According to the geothermal gradients of oceanic subduction zones calculated using the X25 model in Syracuse et al. (2010) , the main hydrous minerals in common sediments may include chlorite, chloritoid and phengitic muscovite when the slab approaching the subarc depth, containing~3 wt% water. During the subsequent subduction dominant of heating, chlorite and chloritoid are dehydrated sequentially, and phengitic muscovite remains the only hydrous mineral at >550-600°C. As a result, the water content in a sediment depends on the K 2 O content of whole rock. For the average pelite, its water content can reach 1.85 wt%. Since the geothermal gradients in most cold subduction zones do not pass through the solidus of sediments, muscovite can be brought to the depth of 280-300 km to form K-hollandite. While in hotter subduction zones, sediments will partially melt at 80-150 km depth to produce K-rich granitic melts. For the specific internal thermal structure of subduction zones, the slab temperature is decreased downward. Thus, partial melting at the slab surface may occur simultaneously as dehydrations proceed in the slab interior. The upward moving aqueous fluids may cause the flux melting at the slab surface, to produce considerable amounts of hydrous melt. The flux melting is believed to be responsible for the decomposition of some muscovite in a subducted slab (Hermann and Green, 2001; Domanik and Holloway, 1996; Schmidt and Poli, 2014) . At >150 km depth, the geothermal gradients of hotter subduction zones will pass through the supercritical fluid domain where minerals such as muscovite can be dissolved. At >200 km depth, carbonate-bearing sediments may partially melt to produce alkali-rich carbonatite melts. However, these melting reactions cannot cause all muscovite to disappear if carbonates are less than muscovite in mode. According to Figure 4 , both the Barrovian type metamorphic zones with staurolite appearance and the granulite assemblages originated from biotite dehydration melting cannot be produced in oceanic subduction zones. Figure 5 shows the phase relations in the peridotite+H 2 O system where the main hydrous minerals include serpentine or antigorite, chlorite, talc, and the high-P phases of phase A, phase 10 Å, phase E, clinohumite and hydrous wadsleyite (Wunder, 1998; Fumagalli and Poli, 2005; Komabayashi et al., 2005) . Antigorite appears in the P-T range of <700°C and <7 GPa, which may transform into chlorite and phase 10 Å on heating, and into phase A upon compression. Chlorite has the upper-P limit of ∼5 GPa and the upper-T limit of~780°C. Talc is stable at the low-P (<1.5 GPa) and medium-T conditions between the stabilities of antigorite and amphibole, whereas in talc veins, it can stabilize to 4.5-5.0 GPa (Pawley and Wood, 1995) . According to the experimental and calculation results in the MASH system, Komabayashi et al. (2005) proposed that phase A can stabilize to the mantle transition zone depth where it reacts with orthopyroxene to form phase E and hydrous wadsleyite, or at slightly lower Figure 5 Phase relations in the peridotite+H 2 O system. The stabilities of hydrous minerals and the saturated water content (e.g. 7.8 wt%) in peridotite under subsolidus conditions and <9 GPa are cited from Fumagalli and Poli (2005) and Schmidt and Poli (2014) . The hydrous mineral relations at >9 GPa are cited from Komabayashi et al. (2005) . The wet solidi of peridotites are from Grove et al. (2006, G06) ; Till et al. (2012, T12) ; Kushiro et al. (1968) and Kushiro (1970, K68, 70) , and Green et al. (2010, G10) . The dry solidus of peridotite and the stability limits of garnet and spinel are from Wyllie (1981) . The stability limits of calc amphibole are from Niida and Green (1999) , of K-richterite from Konzett and Ulmer (1999) , and of phlogopite from Fumagalli et al. (2009) and Konzett and Ulmer (1999) . The phase transition between olivine and wadsleyite is from Wyllie (1981, W81) and Ito and Katsura (1989, IK89) . The geothermal gradients at slab Moho calculated using the X25 model in Syracuse et al. (2010) for the cold, average and hot subduction zone are labelled as CSM, ASM, and HSM. Mineral abbreviations: ant, antigorite; chu, clinohumite; h-wad, hydrous wadsleyite; Krch, K-richterite; p-A, phase A; p-E, phase E; phl, phlogopite; ol, olivine; opx, orthopyroxene; sp, spinel. Others are the same as in Figure 2 .
Phase relations and fluid behavior in ultramafic rocks
Peridotite+H 2 O system
pressures reacts with forsterite and enstatite to produce hydrous wadsleyite. Moreover, phase A can transform into clinohumite on heating at >9 GPa. Phase E can stabilize to 1200°C in the mantle transition zone where it may dehydrate into hydrous wadsleyite on heating, or into forsterite upon decompression.
In the more CaO-and Na 2 O-rich peridotites or pyrolites, calc amphibole can occur at the P-T range of 500-1100°C and <3 GPa (Niida and Green, 1999; Fumagalli and Poli, 2005) . If K 2 O is present in mantle rocks, phlogopite and Krichterite can appear, being the diagnostic character of mantle metasomatism (e.g. Konzett and Ulmer, 1999; Fumagalli et al., 2009 ). Phlogopite has the upper-T limit of <1150°C and the upper-P limit of <9 GPa. It can transform into K-richterite as pressure increases. Based on the experimental results in the KNCMASH system, Konzett and Ulmer (1999) proposed that the transition between phlogopite and K-richterite may occur at 6-6.5 GPa/800°C and 6.5-7.0 GPa /1100°C, which may be reduced by 0.5 GPa in natural lherzolites. Thus, the lower-P limit of K-richterite is about 6-7 GPa ( Figure 5 ), but its upper-P limit has not been determined. Konzett and Ulmer (1999) estimated that K-richterite can stabilize to >400 km depth. Since the difference of K/OH ratio between phlogopite and K-richterite is very small, the water released during their transition is very limited .
The nominally anhydrous minerals in mantle peridotites include olivine, orthopyroxene, clinopyroxene and an Al-rich phase which is plagioclase, spinel and garnet as pressure increases. At~400 km depth, olivine (phase α) will transform into wadsleyite (phase β) ( Figure 5 ). There is a consensus on the pressure of this phase transition, because it corresponds to a geophysical discontinuity. However, the phase transition temperature has been diversely argued to be~1400°C (Ito and Katsura, 1989) , or~1800°C (Wyllie, 1981) .
There are large uncertainties on the wet solidi of peridotites from different experiments. For instance, at 2-4 GPa the peridotite wet solidi vary from~800°C (e.g. Grove et al., 2006; Till et al., 2012) , to~1000°C (e.g. Kushiro et al., 1968; Kushiro, 1970; Kawamoto and Holloway, 1997; Green et al., 2010) . Green et al. (2010) argued that the large uncertainties can be attributed to the addition of different water contents in experiments. With high water content, it is easy to interpret the high-P solute-rich fluid phase as a melt. In addition, if the peridotite wet solidi can be as low as 800°C, the melting textures of ultrabasic rocks should be observed in granulite facies terranes, which, however, have not been reported (Schmidt and Poli, 2014) . Above the wet solidus, there are also two hydrous minerals in peridotites, including amphibole and phlogopite, which may break down into melts in sequence. According to Green et al. (2010) , phlogopite can melt at <110 km depth, and K-richterite cannot be melted. However, phlogopite melting can occur at >200 km depth according to Kushiro et al. (1968) and Kawamoto and Holloway (1997) .
The water content in ultramafic rocks is closely related to the stabilities of the above-mentioned hydrous minerals. Figure 5 shows the variation of the water content saturated to the rock in different mineral assemblages and P-T conditions. The maximum water content (>10 wt%) is located in the field with both antigorite and phase A. Fumagalli and Poli (2005) argued that peridotites may contain~5 wt% water in the stability field of phase A after the disappearance of antigorite, whereas Komabayashi et al. (2005) determined that in the same conditions the maximum water content present in the assemblage with phase A and orthopyroxene is 3.7 wt%. After the common hydrous minerals disappear, the water content in peridotites depends mainly on the K 2 O content, and the K-rich peridotites that are strongly metasomatized by slab fluids can carry a certain portion of water into the deep mantle.
According to the geothermal gradients at slab Moho (CSM, ASM, HSM) calculated using the X25 model in Syracuse et al. (2010) , antigorite in the peridotite layer can be stable to the subarc depth of 120-180 km in hot subduction zones, then it is dehydrated into phase 10 Å or chlorite, and phase 10 Å can stabilize to~220 km depth. While in cold subduction zones, all antigorite can be converted into phase A at 200-220 km depth coupled with strong dehydration (Komabayashi et al., 2005) . Phase A can bring water directly to >400 km depth. This may be the main way to explain the origin of water in the mantle transition zone (Maruyama and Okamoto, 2007) . Because a subducting slab has lower temperatures in its interior than on its surface, the oceanic subduction cannot cause partial melting in the peridotite layer.
Peridotite+CO 2 system
The phase relations of carbonated peridotites are very similar to those of carbonated eclogites. The presence of carbonate minerals can lead to a decrease in the solidus temperature of peridotite by 200-300°C (Wyllie and Huang, 1975; Eggler, 1978; Dalton and Presnall, 1998; Hammouda and Keshav, 2015) . As shown in Figure 6a , a sequential change from CO 2 →dolomite→magnesite (+lherzolite assemblage) may appear with increasing pressure under subsolidus conditions. In the simple CMS-CO 2 system (Eggler, 1978) , the solidus temperature with the presence of CO 2 vapor is~1500°C, showing a steep positive slope. At~2.6 GPa, the solidus backbends suddenly to form a ledge, and then, its slope becomes positive again until dolomite stabilizes. At the ledge, the melting reaction governed by pressure is diopside+for-sterite+CO 2 =orthopyroxene+carbonatite melt. Eggler (1978) proposed that the solubility of CO 2 in melt increases with pressure at P>2-3 GPa. At the ledge, the melt contains CO 2 up to 5 wt% with an equilibrium assemblage of olivine, clinopyroxene, orthopyroxene and volatile, where the melt has the composition of alkaline basalt or melilitite (sensu lato). While above 3 GPa, the melt contains CO 2 up to 20-25 wt%, being carbonatitic or kimberlitic.
Experimental studies on the CMAS+CO 2 system show that the addition of Al 2 O 3 can lead to a significant decrease in the peridotite solidus temperature, but the phase relations are consistent with those in the CMS+CO 2 system. At the solidus ledge, there is an immiscibility gap between two melts: a silicate melt poor-in CO 2 (~7 wt%) and a carbonatite melt rich-in CO 2 (~40 wt%) (Keshav and Gudfinnsson, 2013; Novella et al., 2014) . The experimental study on the Hawaii pyrolite (HP)+CO 2 system in Falloon and Green (1989) suggests that the solidus is markedly shifted to lower temperature due to the addition of FeO, where the solidus ledge lies at~2.0 GPa. Note that the basic topology is the same in the three systems. The thick dashed curve in Figure 6a connects the maximum temperature of solidus in the three systems, which represent the transition between the low-P silicate melt and the high-P carbonatite melt. This transition may be smooth and controlled by increasing CO 2 solubility in the silicate melt, or abrupt if due to liquid immiscibility (Novella et al., 2014) .
The effect of changing the volatile composition in the carbonated peridotite solidus topology is shown in Figure 6b (Hammouda and Keshav, 2015) . The peridotite dry solidus has a positive slope with temperature exceeding 1300°C at 2.0 GPa, while the water-saturated [X(CO 2 )=0] solidus drops to <1000°C, both of which have no ledge. As CO 2 increases, the ledge develops and is almost isobaric for the CO 2 -rich vapor. At lower pressures (<2.0 GPa) where carbonates are unstable, the solidus temperature is controlled by the water activity in fluid, and the temperature of the solidus coexisting with the pure CO 2 vapor is slightly lower than that of the dry solidus. While at higher pressures with the stability of carbonates, the solidus controlled by the H 2 O and CO 2 mixed fluid is in temperature significantly lower than the solidi controlled by the pure water and pure CO 2 fluids. When fluid is a reduced mixture of H 2 O and CH 4 (such as C-O-H@IW +1) where no carbonates are stable under subsolidus conditions, the solidus has no ledge and is similar to the dry solidus in shape, but with temperatures of~150°C lower than the latter (Taylor and Green, 1988) .
The existence of the ledge in carbonated peridotite solidi is very important in the context of mantle dynamics. At pressures above the ledge, carbonates or carbonatite melts are stable, while CO 2 is liberated at pressures below the ledge. Thus, the ledge can be considered as a pressure barrier to prevent carbonatite magma to reach the Earth surface (Dalton and Presnall, 1998). Hammouda and Keshav (2015) pointed out that there are two occurrences for carbonatite magma to reach the surface: (1) the magma rises at a very fast rate to cross the ledge in a metastable state, but this occurrence is quite exceptional; and (2) in case of hot thermal regime, the ascending of magma with high temperature can avoid the ledge. Stagno et al. (2013) proposed that due to the ledge presence the melt-present region is focussed in a narrow zone in mantle, which may represent the lithosphereasthenosphere boundary in oceanic regions.
According to the thermal structure of subduction zones calculated by Syracuse et al. (2010) , the geothermal gradients cannot pass through the solidi of carbonated peridotites even in the hottest subduction zone, and thus, the carbonates preserved in peridotites can be carried into the Figure 6 Melting relations of carbonated peridotites (a) and the effect of changing the volatile composition on the solidus of carbonated peridotites (b). The CMS+CO 2 system is from Eggler (1978) ; the CMAS+CO 2 system is from Dalton and Presnall (1998) ; and the HP (Hawaii pyrolite)+CO 2 system is from Falloon and Green (1989) . (b) Modified after Hammouda and Keshav (2015) . X(CO 2 )=CO 2 /(CO 2 +H 2 O); IW+1, indicating the oxygen fugacity equal to the Fe-FeO buffer +1 log unit. Others are the same as in Figure 5 . deep mantle.
Discussion
Dehydration and melting of subducted oceanic slab
Basic rocks
The basic rocks, sediments and ultrabasic rocks in an oceanic slab may have different behaviors of dehydration and melting at different stages of subduction. For example, during the forearc subduction stage, whether dehydration can occur in basic rocks or not, may depend on their initial hydration degrees. If the basic rocks are initially little hydrated, they are more likely to undergo hydration rather than dehydration during the formation of blueschist assemblages, and thus, there will be no significant fluid liberation during the forearc subduction. However, if the basic rocks are fully hydrated, such as, during the ocean floor metamorphism, forming the equilibrium assemblages of zeolite and prehnite-pumpellyite facies, their water content can reach 8-9 wt% (Peacock, 1993) . In this case, very strong dehydration will occur during the formation of blueschist facies in the forearc subduction stage. According to the phase relations in Figure 2a , Poli (2003, 2014) proposed that in cold subduction zones considerable amounts of water (8 wt%→5 wt%) can be released through the dehydration of zeolite, prehnite and pumpellyite before the formation of blueschist facies at <20 km depth. Large amounts of water (5 wt%→1 wt%) are released through the dehydration of chlorite, glaucophane and lawsonite at 60-70 km depth during the transition from blueschist facies to eclogite facies. Only a small portion of water (1 wt%→0.1 wt%) is released through the dehydration of chloritoid and lawsonite in the subarc depth. According to Syracuse et al. (2010) , the geothermal gradients in most subduction zones do not cross the strong dehydration domain shown in Figure 2a , so that the strong dehydration may not occur in the forearc subduction stage.
Based on the phase relations in Figure 2b and the geothermal gradients at slab surface from Syracuse et al. (2010) , basic rocks may contain more than 4-5 wt% water when they are subducted to approaching the subarc depth, and strong dehydration can occur during the transition from blueschist facies to eclogite facies. After the disappearance of glaucophane, more than 2-3 wt% of water remain in the lawsonite eclogite assemblages. That is, more than 90% water in basic rocks (5 wt%→0.1 wt%) can be released through the sequential dehydration of chlorite, glaucophane, talc and lawsonite during the subarc subduction. This conclusion differs greatly from that inferred from the experimental results. On the average geothermal gradient of subduction zones, lawsonite breaks down at~120 km depth. While in cold subduction zones, lawsonite can stabilize to >250 km depth, and after lawsonite disappearance phengitic musco-vite will be the only hydrous mineral in basic rocks until 300 km depth. In a few hot subduction zones, the geothermal gradients pass through the wet solidi of basic rocks, and partial melting can occur to produce K-rich granitic and trondhjemitic melts, or generate supercritical fluids at >150 km depth. Although the melting on the water-saturated solidus can produce limited melts during most geological processes (White et al., 2001) , flux melting may occur to produce considerable amounts of hydrous melts in the subducted slab due to its special thermal structure. It is generally believed that the slab melting can generate adakitic melts related dominantly to the dehydration melting of amphibole. These melts ascend through the mantle wedge and absorb some olivine components to be enriched in MgO (e.g. Martin, 1999) . However, the phase relations in Figure 2a and 2b indicate that the geothermal gradients of hot subduction zones did not pass through the amphibole stability domain.
According to the thermal structure of subduction zones shown in Figure 1a , temperature or the geothermal gradient is decreased downward from the slab surface, and thus, the hydrous minerals stored in the deep basic layer within the slab can stabilize to greater depths. Considering that the slab bottom may share the same geotherms as the Moho, lawsonite therein can survive to 200-290 km depth (see the intersections of the geothermal gradients HSM and CSM and the lawsonite stability curve in Figure 7) . Even if the basic rocks are little hydrated initially, their hydration degrees will increase with subduction due to the dehydration of the underlying ultrabasic rocks. The phase relations in Figure 2b indicate that more than 2 wt% of water can be brought by basic rocks to over 200 km depth, and released in the rear-arc region.
Sediments
The water content in sediments varies diversely due to the variation of their bulk-rock composition, and thus, it is not easy to be quantitatively estimated. Sediments may contain enough water and CO 2 before subduction. For example, a slate commonly contains~4.5 wt% water and~2.4 wt% CO 2 (Shaw, 1956) . Besides, sediments may also contain a large amount of pore water. As a result, sediments can continuously release aqueous fluids from the start of subduction. For the average pelite, it may have~3 wt% water when it is subducted to approaching the subarc depth (Figure 4) , and then chlorite and chloritoid are sequentially dehydrated during the subsequent heating. Above 500-600°C, the only hydrous mineral in sediments will be phengitic muscovite, that is, the water content of the rock depends on the K 2 O content. For the average pelite, it contains~1.85 wt% water, which is much higher than the water content of the basic rocks after the lawsonite disappearance under the same P-T conditions. For example, the water content in a sediment layer of 0.5 km thick is much higher than that of a basic layer of 7 km thick. However, since muscovite can stabilize to 300 km depth and is scarcely decomposed during clod subduction, sediments can contribute limited fluids during the subarc subduction at 100-200 km depth. While in hotter subduction zones, sediments may be partially melted to generate K-rich granitic melts or supercritical fluids. Especially at >200 km depths carbonate-bearing sediments may melt to produce K-bearing carbonatite melts. According to the stability of muscovite in Figure 4 , muscovite in K-rich sediments cannot be completely broken down through the partial melting or the supercritical dissolving even in hot subduction zones, and thus, the slab dehydration can continue to 300 km depth as long as sediments are involved in subduction.
The subduction of sediments is significant because sediments may contain relatively high K 2 O and accessory minerals such as rutile, allanite, zircon, phosphate and ellenbergerite etc. that are enriched in strongly incompatible secondary and trace elements (Klimm et al., 2008) . For example, allanite contains over 90% LREE and Th; rutile is enriched with 95% Ti, Nb, and Ta; zircon hosts 95% Zr and Hf, and phengitic muscovite can hold 95% Rb, Ba, Cs etc. in rocks (Hermann, 2002b; Zheng et al., 2011) . These components give the slab fluids (or melts) a strong trace element signal that affects the geochemical composition of the subduction zone magma (Hermann and Green, 2001; Zheng, 2019) . As proposed by Plank and Langmuir (1993) , the enrichment of LILE in subduction zone magmas may originate from the sedimentary components that are mostly derived from the decomposition of muscovite, and transferred from the slab to the mantle wedge. As shown in Figure 4 , sediments from the average and hot subduction zones can be partially melted to generate aqueous melts, or supercritical fluids, which can cause some muscovite to break down and carry a large amount of sedimentary components into the mantle wedge. While in cold subduction zones, muscovite in Peacock (1991) . P3, P4 and P5, represent the inferred P-T trajectories of downgoing mantle wedge materials on considering that the mantle wedge bottom may share the same geotherms as the slab surface. M1, M2 and M3, schematically represent the P-T trajectories of the melting process in the mantle wedge peridotites, roughly corresponding to the mantle melting occurred under the volcanic front, the main arc and the rear-arc regions. The wet solidus of sediment is the same as in Figure 4 ; the wet solidus of peridotite is from Green et al. (2010) . The dry solidus of peridotite and the stability limits of garnet and spinel are from Wyllie (1981) . Others are the same as in Figures 2, 4 and 5.
sediments is very stable and the incompatible elements in it seem to be reserved. Therefore, the slab fluids from cold subduction zones may theoretically carry much less sedimentary components although some trace elements can be leached or dissolved from the slab surface sediments by aqueous fluids derived from the underlying basic and ultrabasic layers (Ryan et al., 1995; Poli and Schmidt, 2002) .
Ultrabasic rocks
The fluid behavior of ultrabasic rocks during subduction depends on their initial degrees of hydration. Schmidt and Poli (2003) argued that most ultrabasic rocks are too little hydrated (<25%) to reach water saturation, so that they will have no or little dehydration during the forearc subduction. In fact, even if the ultrabasic rocks were fully hydrated and dominated of serpentine and chlorite, they would not undergo marked dehydration in the forearc subduction stage ( Figure 5 ). The significant dehydration of ultramafic rocks may occur in the subarc subduction stage. As shown in Figure 5 , hydrated peridotites in the average and hot subduction zones will be dehydrated through the sequential decomposition of antigorite, chlorite and phase 10 Å in the depth of 120-180 km. For the fully hydrated peridotites, the released water content (7.8 wt%→0.018 wt%) is much larger than that in the basic and sedimentary layers of the same thickness. In cold subduction zones, some antigorite breaks down into chlorite at~160 km depth, releasing a considerable amount of water (7.8 wt%→5.1 wt%). While in very cold subduction zones, antigorite can coexist with phase A to form the most water-rich assemblage in ultrabasic rocks. The transition from antigorite to phase A at~220 km depth with the liberation of some water, and then, phase A can stabilize straight to the mantle conversion zone where it transforms into hydrous wadsleyite and phase E. Therefore, strong dehydration in ultrabasic rocks mainly occurs at the subarc depth of 120-220 km, and no significant dehydration can occur during the subsequent subduction until the mantle transition zone. The fluids derived from ultrabasic rocks will be relatively simple in composition since no melting can occur during subduction.
CO 2 -bearing rocks
A subducted oceanic slab can carry a certain amount of organic carbon and inorganic carbonates into the deep Earth. For example, ocean floor alteration can result in an average of ∼2 wt% CO 2 in the uppermost volcanic section, and 100-5000 μg g −1 CO 2 throughout the remaining 7 km oceanic crust (Shilobreeva et al., 2011) . The organic carbon such as in C-O-H compounds may transform into CO 2 with oxidizing fluids during metamorphism or into carbonates during serpentinization (Debret et al., 2015) . The phase relations in Figures 3, 4 and 6 indicate that only the geothermal gradients in a few hot subduction zones can pass through the solidus of carbonated sediments at the depth of 200-250 km, where partial melting may occur to generate potassic carbonatite melts (Figure 4) , whereas the geothermal gradients in most subduction zones do not cross the solidi of carbonated basic and ultrabasic rocks. Moreover, carbonates in sediments from cold subduction zones are also stable during the entire subduction process. Therefore, the carbonates hosted in these rocks will theoretically not break down during the forearc, subarc and rear-arc subduction stages, but are survived to deep mantle. However, due to their high solubility in fluids, carbonates can be dissolved or leached into the slab fluids (Frezzotti et al., 2011; Ague and Nicolescu, 2014) , and then released through arc volcanism. Since CO 2 content in an oceanic slab is much lower than H 2 O, the slab fluids are generally aqueous until all the hydrous minerals are decomposed.
Dehydration process in the subduction zone with an average geothermal gradient
On the basis of the dehydration behaviors of the abovementioned basic rocks during subduction and the average geothermal gradient of subduction zones, it is speculated that they may undergo the following five metamorphic stages (Figure 8 ): pre-blueschist stage (<50 km)→blueschist stage (50-100 km)→lawsonite eclogite stage (100-270 km)→ phengite eclogite stage (130-300 km)→dry eclogite stage (>300 km). Of them, the lawsonite eclogite and the phengite eclogite stages overlap in a large depth range because the slab temperature decreases downward, and lawsonite existing in the deeper part of a slab can stabilize to greater depths. It should be noted here that the blueschist assemblages in the subducted slab may appear under UHP conditions at 100 km depth, which is very probable from the point of view of phase equilibria modelling. In Figure 2b , the average geothermal gradient of subduction zones intersects the garnet-in (gt-in) curve at~450°C/3.0 GPa. At this condition, the rock has~4 wt% H 2 O and is dominated by hydrous minerals of a blueschist assemblage rather than an eclogite dominant of garnet and omphacite. Although the garnet stability limit in Figure 2b will be enlarged in the system with adding MnO, the garnet quantity will be trivial under the lower-T or lower-P conditions (Wei and Duan, 2019) . At present, the reported peak pressures from natural blueschists are not high, generally less than 1.5-1.0 GPa (Maruyama et al., 1996) . One possible explanation is that the metamorphic evolution of lawsonite blueschists during decompression may have overprinted the real peak records of rocks (Wei and Clarke, 2011) .
It is believed that an oceanic slab may scarcely release fluids during the forearc subduction stage because almost no dehydration can occur in both basic and ultrabasic rocks therein. However, considering that large quantities of fluids can be released from sediments, we infer that the oceanic slab can undergo considerable dehydration during the forearc subduction (Figure 8 ). In the subarc depths of 100-200 km, strong dehydration can occur because both basic and ultrabasic rocks are strongly dehydrated successively in these depths, and also a certain portion of fluids can be added from the ultrabasic rocks at the mantle wedge bottom that move downward together with the subducting slab (see latter discussion). Compared with the subarc depths of 100-200 km, the slab dehydration may be significantly weakened in greater depths, and thus, considerable-little dehydration is inferred to occur in the depths approximately of 200-300 km. This inference can be supported from the following points: (1) dehydration of ultra-basic rocks terminates until the depth of~220 km; (2) lawsonite present in the deep or bottom part of the basic crust can be survived to 260-290 km depth; and (3) muscovite in basic rocks and sediments may stabilize to ∼300 km. Theoretically, the slab dehydration can continue to~300 km depth, and there will be no obvious fluid release in the deeper depths during the subsequent subduction. This can give a limit for the range of arc magmatism. If the slab dip angle is 45°, the magmatic arc will bẽ 200 km wide at the surface, and if the slab dip angle is 60°, the arc will be~110 km wide. At >300 km depth, the nominally anhydrous minerals such as olivine, wadsleyite, garnet and clinopyroxene may contain a certain amount of water. For instance, clinopyroxene can host~3000 μg g −1 H 2 O at 6 GPa/1000°C, and wadsleyite may have H 2 O as high as 3.3 wt% (Katayama and Nakashima, 2003) . However, this portion of water may not be released from the slab during subduction but is more likely to be carried deep into the mantle transition zone because the water content in the nominally anhydrous minerals is positively correlated with pressure (Zheng, 2009 ). Figure 5 also shows the phase transition for the mantle wedged peridotites that are metasomatized by slab aqueous fluids. At <3 GPa (~100 km), antigorite, chlorite, calc amphibole and phlogopite can appear sequentially with increasing temperature. Generally, peridotites within the mantle wedge are decreasingly hydrated upward from the bottom, and also, the serpentinization at the mantle wedge bottom depends on the thermal structure of subduction zones. As shown in Figure 1 , the temperature within the wedge increases first and then decreases upward from the plate interface. The upper layer materials in the wedge move trenchward to the cool nose with cooling, then, they move downward with heating and compression, and finally they move synchronously with the slab when approaching the subarc depth. Figure 7 shows the P-T trajectories (P1 and P2) of the down-moving mantle wedge materials simulated by Peacock (1991) . According to these trajectories, the stable hydrous minerals in the mantle wedge are mainly amphibole and minor chlorite, phlogopite and K-richterite. On considering that the mantle wedge bottom may theoretically share the same geotherms as the slab surface, the P-T trajectories of the downgoing wedge materials can be inferred as P3, P4 and P5 in Figure 7 . In cold subduction zones, peridotites at the wedge bottom can be fully serpentinized at the subarc depths, and undergo the sequential dehydration of antigorite, chlorite and phase 10 Å at 100-150 km depth, releasing fluids to modify the upper peridotites. While in hot subduction zones, peridotites at the wedge bottom can also be partially hydrated at the forearc depth, but will be quickly dehydrated with subduction. Based on the average geothermal gradient of subduction zones, the distribution of hydrous minerals in peridotites at the wedge bottom is shown in Figure 8 . Antigorite and chlorite can stabilize to the depths of 100 km and 120 km. It should be noted that in the coldest subduction zones, the P-T trajectories of the wedge bottom peridotites can enter the stability domain of phase A at~270 km depth, and thus, the fluids derived from the dehydration of lawsonite and muscovite at slab can be carried by phase A into the mantle transition zone (Maruyama and Okamoto, 2007) .
Mineral stability and partial melting in mantle wedge and arc magmatism
Mineral stability in mantle wedge
The special thermal structure in the mantle wedge can result in the formation of a cold nose in the forearc region, where peridotites can be intensely hydrated (Hyndman and Peacock, 2003) . From the distribution of hydrous minerals shown in Figure 8 , a large quantity of serpentine or serpentinite can be formed in the forearc region, resulting in the aseismic slip between the subducting slab and the serpentinized forearc mantle (Peacock and Wang, 1999) . Since this highly serpentinized zone is located above the full coupling region between the slab and the overriding plate, the serpentinites may ascend as cold intrusions due to their negative buoyancy, forming the forearc serpentinite diapirs (Schmidt and Poli, 2003) . These ascending serpentinites can carry low-T and high-P rocks involving blueschist and eclogite, constructing the typical members in the subduction-related accretionary mélanges (Maruyama et al., 1996) . Moreover, mud volcanoes in the forearc region are also related to slab dehydration (Milkov, 2000) .
On the basis of the stable P-T conditions for the peridotite wet solidus (Green et al., 2010) , spinel, garnet, calc amphibole, phlogopite and K-richterite in Figure 5 , their distributions in the mantle wedge can be inferred as shown in Figure  8 . Partial melting can occur in the high-T region of the wedge centre. Garnet is stable below~70 km depth. Calc amphibole can stabilize to 100 km depth below the arc region, but it is stable at a shallower depth than garnet below the rear-arc region. Phlogopite exists in the region of <1100°C and <270 km, and it disappears in the regions of higher temperature and greater depth. K-richterite can exist in the lower part of the mantle wedge of >200 km.
Partial melting in the mantle wedge
In the subarc depths, fluids released from the slab and the wedge bottom move upward, triggering partial melting at the peridotite wet solidus to generate hydrous melts. The magma eruption derived from the early-produced melts forms the volcanic front, which is usually located at the area with the vertical depth of~100 km above the slab surface (e.g. Tatsumi and Eggins, 1995) . Theoretically, the melting in the wedge may start from the garnet stability domain, followed by the decompressional melting with heating first and then with cooling. The wedge melting may finally terminate in the spinel stability domain at 50-60 km depth (Grove et al., 2003; Figures 7 and 8) . The P-T trajectories for such wedge melting are schematically shown as M1, M2, and M3 in Figure 7 . Below the volcanic front, the wedge melting dominantly occurs in the spinel domain, while below the main arc and rear-arc regions, the melting may occur largely in the garnet domain. In addition, amphibole can be involved in the melting within the garnet and spinel domains below the subarc region, while below the rear-arc region, amphibole may participate in the melting only in the spinel domain.
Since amphibole-bearing peridotites contain limited water and cannot host all the fluids from the subducting slab, flux melting may occur on the wet solidus, producing hydrous melts. Ascent of these hydrous melts may trigger further melting in the upper section. As the temperature in the mantle wedge is far below the dry solidus of peridotite, the wedge melting is mainly controlled by water content and temperature (Figure 7) . For example, the experimental data of Hirose (1997) suggest that at 1.0 GPa and 1100°C, the melting degree increases from 7% to 20% with the water content rising from 0.2 wt% to 1 wt% in a peridotite. Note that the mantle wedge melting regimes and processes will become more complex if the lithosphere overlying the wedge is thickened as results of arc magmatism.
Arc magmatism
Partial melting of the mantle wedge peridotites that are metasomatized by slab fluids can result in complex magmatism and the formation of magmatic arcs above subduction zones (Winter, 2014) . Generally, a volcanic front may develop at the area with the vertical depth of about 100 km above the slab surface. Island arcs from ocean-ocean subduction zones range in 200-300 km width and the thickness of arc-type crust ranges from 12 to 36 km with an average of 30 km (Tatsumi and Eggins, 1995) . The lithologies from arc magmatism are complex, including basalt, basaltic andesite, andesite, dacite and rhyolite. Some arcs are dominated by basalt, and others are mainly basalt andesite and andesite. Arc magmatites are dominantly of tholeiite series and calc-alkaline series with minor amounts of alkaline series. Compared with MORB, arc magmatites are typically depleted in high field strength elements (HFSE), but enriched with large ion lithophile elements (LILE) such as K, Rb, Sr, Ba and Cs (e.g. McCulloch and Gamble, 1991; Zheng, 2019) , showing high LILE/HFSE ratios.
Like the peridotites from mid-ocean ridges, the mantle wedge peridotites were also depleted in melt-mobile trace elements. As a result, the high LILE/HFSE ratios in arc rocks are attributed to metasomatism of the mantle wedge by slab fluids, which can carry large quantities of LILE but have a low capacity of carrying HFSE (e.g. Stolper and Newman, 1994; Tatsumi and Eggins, 1995; Elliott et al., 1997; Manning, 2004) . The water-present melting in the mantle wedge can generate hydrous Mg-rich basaltic melts (e.g. Plank and Langmuir, 1988; Stern, 2002) . It is proposed that andesitic, especially the high-Mg andesitic magma can also be generated by the water-present melting of wedge peridotites (Kushiro, 1974; Tatsumi, 1986; Hirose, 1997; Wood and Turner, 2009 ). Hirose (1997) pointed out that during the water-present melting of peridotite, orthopyroxene disappears earlier than clinopyroxene and high-Mg andesitic melts tend to be generated with a wehrlite residue (e.g. Tatsumi and Hanyu, 2003; Kelemen et al., 2014) . In addition, since the slab-derived hydrous melts or supercritical fluids may significantly modify the compositions of mantle wedge peridotites, such as forming different compositions of pyroxenite, the melting of which may produce Si-and K-rich magmas such as sanukite (Kimura et al., 2014) .
The metasomatism of mantle wedge peridotites by aqueous solutions and hydrous melts can result in a series of change in the geochemistry of arc magmatites (Eiler et al., 2005; Ishizuka et al., 2006; Kimura et al., 2014) . The slab fluids released at the subarc depth of 100-200 km are dominant of aqueous solutions and silicate melts, which metasomatize the wedge peridotites to generate the mantle sources of tholeiite and calc-alkaline migmatites. While at 200-300 km depths, the slab fluids are mainly of supercritical fluids, hydrous melts and alkali-rich carbonatite melts, which contain more LILE produced by the breakdown of muscovite and more HFSE produced by rutile dissolution (Zheng et al., 2011; Zheng, 2019) . Schmidt et al. (2004) argued that these supercritical fluids and hydrous melts have low density and low viscosity, and thus, can participate in a wider range of mantle circulation. As shown in Figures 7 and 8, there will be two probabilities for the fate of the fluids released from 200-300 km depth: (1) They may metasomatize peridotites at the wedge bottom to form phlogopite and K-richterite (Sudo and Tatsumi, 1990; Konzett and Ulmer, 1999) , and phlogopite will transform into K-richterite during the subsequent subduction. Whereas K-richterite can stabilize straight to the mantle transition zone and thereby participate in a larger range of mantle circulation, creating the sources of ultrapotassic magmas such as lamproite or kamafugite (Foley, 1992) . And (2) the remaining fluids after forming phlogopite and K-richterite can continuously migrate upward and metasomatize the upper peridotites, resulting in mantle melting (M3 in Figure 7 ) to generate alkaline basalts in the rear-arc region.
Deep carbon cycle in subduction zones and the generation of carbonatite magma
Recent studies suggest that over 90% carbon may have stored in the deep Earth. Thus, the study of the deep carbon cycle has become a research hotspot in Earth sciences (Javoy, 1997; Hilton et al., 2002; Hazen and Schiffries, 2013) . The surface carbon can be carried as organic forms or inorganic carbonates into the deep Earth through subduction, and some of this carbon is returned to the exosphere through the activity of magma and fluids (Berner, 2003; Manning, 2014) . As mentioned above, some carbonate minerals can incorporate into slab fluids through dissolution and leaching, and are involved in the serpentinization of the overlying peridotites and arc magmatism. However, the slab fluids are dominated by aqueous solutions and no carbonate magma can be originated as a result of the minor amount of CO 2 being diluted under the subarc region.
Both theoretical and experimental studies have shown that a significant portion of carbon may have evaded the slab dehydration and entered into the deep mantle (Kerrick and Connolly, 2001; Poli et al., 2009) . For instance, carbonated eclogites in a slab can reach the solidus at >400 km depth (Thomson et al., 2016) and are partially melted to produce alkali-rich carbonatite melts (Figures 3 and 9 ). Due to the low viscosity and density, carbonatite melts are highly mobile in mantle and easily migrate upward to modify silicate minerals (Hammouda and Laporte, 2000) . Thomson et al. (2016) argued that the carbonatite melts derived from slab in the transition zone can be a source for the formation of diamond in the deep mantle. Alternatively, the carbonatite melts may uplift along the subduction tunnel with high dip angle after the slab breaks up, and they can carry mantle enclaves of different depths also including eclogites from the shallower part of the subduction zone (Xu et al., 2017 . Note that the carbonatite melt ascending along the subduction tunnel may have occurred after the slab breaks up, be-cause the melts originated in a continuously active subduction zone cannot cross the solidus with a negative slope in the mantle transition zone depth. Therefore, these carbonatite magmas should be emplaced in the post orogenic stage.
Generally, the carbonated peridotites brought to the mantle transition zone cannot be partially melted. As shown in Figure 9 , the solidus temperature of carbonated peridotite is about 1750°C at~400 km depth, lower than the peridotite wet solidus. However, the solidus temperature of CO 2 -and H 2 O-bearing mantle peridotite (lherzolite) is greatly reduced, which is~1550°C at X(CO 2 )=0.8. As the mantle temperature at 400 km depth under a subduction zone is no more than 1200°C, lower than the mantle ambient temperature, ultrabasic rocks stagnated within the transition zone will be heated to temperatures of, such as, 1500°C (C1, O1 in Figure 9 ) estimated by McKenzie et al. (2005) , which is still below the solidus temperature of carbonated peridotite. However, according to the geothermal gradient (C2, O2 in Figure 9 ) presumed by Winter (2014) , the mantle temperature can reach 1900°C at 400 km depth, which is much higher than the solidus temperature of carbonated peridotite. As pointed out by Agius et al. (2017) , the temperatures within the mantle is very inhomogeneous, which will be decreased beneath subduction zones and increased in the area with mantle plume rising.
Experimental studies suggest that ambient mantle oxygen fugacity is reducing, and free metal phases can exist (Rohrbach and Schmidt, 2011) . Under such conditions, both carbonatite melts and minerals are unstable, and may reduce to diamond through a "redox-freezing" reduction such as:
O+C. If carbon is present as carbides and diamond, it cannot dissolve into mantle minerals and therefore has no effect on the melting of mantle peridotite (Shcheka et al., 2006) . Only under locally oxidized conditions with the presence of carbonates, the temperature of mantle peridotite solidus can decrease significantly (Ghosh et al., 2009 ). According to the mantle geothermal gradient determined by McKenzie et al. (2005) , carbonated Komabayashi et al. (2005) . The wet solidus of mantle lherzolite is from Green et al. (2010) , and the lherzolite dry solidus and liquidus are from Wyllie (1981) . The solidus of carbonated lherzolite is from (Dalton and Presnall, 1998) , and the solidus of CO 2 -H 2 O-lherzolite with X(CO 2 )=0.8 is from Wyllie (1978) . The phase transitions between olivine and wadsleyite is from Wyllie (1981, W81) and Ito and Katsura (1989, IK89) . Geothermal gradients for the continental and oceanic regions: C1, O1 (McKenzie et al., 2005) , and C2, O2 (Winter, 2014) . Others are the same as in Figures 4 and 5. peridotite can be melted in the depths of <200 km, and the CO 2 -and H 2 O-bearing lherzolite is melted in the depths of <350 km, while in the deeper mantle of >350 km, lherzolite cannot be melted. However, recent studies on the mineral inclusions in superdeep diamonds suggest that they capture from the depth interval of 300-700 km (Stachel, 2001; Harte, 2010) . For example, the most common mineral inclusions in superdeep diamonds are majoritic garnet and a titaniumbearing, calcium silicate phase commonly interpreted as former "calcium-perovskite" (Stachel, 2001; Walter et al., 2008; Harte, 2010; Bulanova et al., 2010; Thomson et al., 2014) , which may represent pressure conditions of 10-16 GPa and 10-20 GPa, respectively, indicating that partial melting can occur at the bottom of the transition zone. According to the phase relations and mantle geothermal gradients in Figure 9 , partial melting in the mantle transition zone can only occur in the area that heated by plume. In addition, the upwelling of diamond-bearing mantle materials can lead to the formation of carbonate minerals by oxidation and also to the occurrence of partial melting of mantle peridotite, namely redox melting (Stagno et al., 2013) . This process may markedly affect the generation of mantle-derive magmas and their geochemical signature and also contribute to the formation of distinctive chemical and isotopic reservoirs in the mantle (Jackson and Dasgupta, 2008) .
On the other hand, the subducted peridotites and basic rocks stagnated in the mantle transition zone can release fluids by heating. For instance, not only the dehydration of phase A, phase E and hydrous wadsleyite ( Figures 5 and 9 ), but also the heating of nominally anhydrous minerals may release considerable amounts of fluids. The uprising of these fluids together with carbonatite melts can promote the melting and upwelling of the upper mantle materials (Stalder et al., 2001; Mibe et al., 2002) . Especially when the subducted slab is extensively stagnated in the transition zone, forming a big mantle wedge (e.g. Zhao et al., 2007) , it can cause wide-spread back-arc extension (such as in the eastern Eurasia continent) and also result in the destruction of cratons (e.g. Zhu and Xu, 2019) . However, since a subducted slab may only reside in the mantle transition zone in a time interval less than 60 Ma (Goes et al., 2017) , its tectonic and geochemical effects remain to be examined (e.g. Zheng et al., 2018) .
Conclusion
The behavior of slab-derived fluids is controlled by the phase equilibria of oceanic crustal rocks and the thermal structure of subduction zones. Generally, basic rocks undergo little dehydration during subduction at the forearc depths, and more than 90% water (5 wt%→0.1 wt%) in them are released at the subarc depths through the sequential dehydration of chlorite, glaucophane, talc and lawsonite. This is very different from the previous estimates based on experimental petrology. As temperature decreases from the slab surface downwards, the hydrous minerals inside the slab can stabilize to greater depths. In most subduction zones, lawsonite present at the slab bottom can survive to the depth of 200-290 km. The supracrustal sediments in a slab can continuously release fluids from the beginning of subduction, but they can only contribute limited fluids at the subarc depths. Phengitic muscovite is a main hydrous mineral in metasediments and can stabilize to~300 km depth where it transforms into K-hollandite. After the decomposition of phengitic muscovite, there will be no significant fluid release from a subducting slab. Phengitic muscovite can carry a large amount of LILE, giving the slab fluids strong crustal signals to affect the geochemical characteristics of arc magmatites. Ultrabasic rocks may not undergo marked dehydration during the forearc subduction, and strong dehydration of them can occur at the subarc depths of 120-220 km, through the successive dehydration of antigorite, chlorite and phase 10 Å. For water-saturated peridotites, they can release a larger amount (7.8 wt%→0.018 wt%) of water, much higher than the basic and sedimentary rocks of the same thickness. In a few cold subduction zones, antigorite in ultrabasic rocks can transform into phase A at~220 km depth, and the latter can bring water directly into the mantle transition zone. In a few hot subduction zones, partial melting (especially flux melting) can occur in both sediments and basic rocks to generate granitic melts, and carbonate-bearing sediments may be melted to produce K-bearing carbonatite melts. The geothermal gradients of most subduction zones do not cross the solidi of carbonated basic and ultrabasic rocks during the subarc subduction, and the carbonate minerals therein may be carried to deeper mantle. However, some carbonate minerals can be dissolved or leached to incorporate into slab fluids. Nevertheless, the slab fluids should be dominated by H 2 O due to the low CO 2 content in oceanic crust.
The mantle wedge peridotites that are metasomatized by slab fluids can be partially melted to generate complex arc magmas. Metasomatism of the wedge peridotites by slab fluids may produce different hydrous minerals, with hydration degree decreasing from the slab surface upwards. The serpentinization of forearc mantle may result in serpentinite diapirs therein. At the subarc depths of 100-150 km in cold subduction zones, metasomatized peridotites in the wedge bottom are dehydrated via the successive breakdown of antigorite, chlorite and phase 10 Å to release aqueous solutions, which together with the slab fluids migrate upwards to metasomatize the overlying peridotites. Partial melting of the wedge peridotite can occur on the wet solidus to generate hydrous basaltic melts, and the ascent of such melts may cause further flux-melting of the overlying peridotites. Theoretically, the initial melting in mantle wedge may occur in the garnet domain, followed by the decompressional melting with heating first and then with cooling. Finally, the melting may terminate in the spinel domain at 50-60 km depth. The water-present melting of mantle wedge peridotites can generate hydrous high-Mg basaltic and andesitic melts, and the melting degree is greatly affected by water content. Influenced by slab fluids, arc magmatites are depleted in HFSE and enriched in LILE. Especially, the slabderived hydrous melts may significantly modify the composition of wedge peridotites, leading to the generation of Siand K-rich magmas. In addition, with increasing the subduction depth, the slab fluids will contain more components derived from the decomposition of muscovite and carbonate minerals, resulting in an increase in magma alkalinity.
Slab subduction can carry the surface carbon into the deep Earth as organic forms or inorganic carbonate minerals, and some of this carbon is returned to the exosphere through the activity of magma and fluids, forming a deep carbon cycle in subduction zones. The carbonaceous materials can incorporate into the slab fluids through redox reactions and dissolution-leaching processes, which may participate in the serpentinization of the overriding mantle wedge and arc magmatism. Nevertheless, carbonatite magmas cannot be generated during subduction at the subarc depth. Carbonated eclogites brought by oceanic slab will be partially melted at >400 km depth to generate alkali-rich carbonatite melts, which may migrate upwards to modify the overlying mantle peridotites, or may capture enclaves of different depths to emplace in orogenic belts after the slab breakoff. However, carbonated peridotites brought by oceanic slab to the mantle transition zone may not partially melt even if they are stagnated and heated there. Normally, carbonated peridotites in mantle can be melted at <200 km depth, the CO 2 -and H 2 Obearing peridotites may melt at <350 km depth, and partial melting cannot occur in the deeper mantle. However, inclusions from superdeep diamonds indicate that partial melting can occur at the bottom of the transition zone, probably related to the heating of mantle plume. In addition, the peridotites and basic rocks stagnated in the mantle transition zone can release fluids through the dehydration of phase A, phase E and hydrous wadsleyite, and nominally anhydrous minerals may also liberate fluids upon heating. The ascent of these fluids together with carbonatite melts can promote the melting and upwelling of the asthenospheric mantle and extensive backarc extension.
